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[1] In this study, the impact of interannual variability of soil water storage change on

the annual water balance is assessed for 277 watersheds located in a spectrum of climate
regions. The annual water storage change is quantiﬁed on the basis of water balance closure
given the available data of precipitation, runoff, and evaporation estimated from remote
sensing data and meteorology reanalysis. The responses of annual runoff, evaporation, and
storage change to the interannual variability of precipitation and potential evaporation are
then analyzed. Both runoff and evaporation sensitivities to potential evaporation are higher
under energy-limited conditions, but storage change seems to be more sensitive to potential
evaporation under the conditions in which water and energy are balanced. Runoff sensitivity
to precipitation is higher under energy-limited conditions, but both evaporation and storage
change sensitivities to precipitation are higher under water-limited conditions. Therefore,
under energy-limited conditions, most of the precipitation variability is transferred to runoff
variability, but under water-limited conditions, most of the precipitation variability is
transferred to storage change, and some of the precipitation variability is transferred to
evaporation variability. The main ﬁnding is that evaporation variability will be
overestimated by assuming negligible storage change in annual water balance, particularly
under water-limited conditions.
Citation: Wang, D., and N. Alimohammadi (2012), Responses of annual runoff, evaporation, and storage change to climate variability
at the watershed scale, Water Resour. Res., 48, W05546, doi:10.1029/2011WR011444.

1.

Introduction

[2] In the long-term mean annual water balance at the
watershed scale, mean annual change of water storage
(S ) is negligible and mean annual precipitation (P) is partitioned into mean annual runoff (Q) and evaporation (E).
Budyko [1958] postulated that the partitioning of precipitation, to ﬁrst order, was determined by the competition
between available water (P) and available energy measured
by potential evaporation (Ep ). On the basis of data sets
from a large number of watersheds and the work of
Schreiber [1904] and Ol’dekop [1911], Budyko [1974]
proposed a relationship between mean annual evaporation
ratio (E=P) and mean annual potential evaporation ratio or
climate dryness index (Ep =P). Other functional forms of
Budyko-type curves have been developed for assessing the
long-term water balance [e.g., Pike, 1964; Fu, 1981;
Choudhury, 1999; Zhang et al., 2001; Porporato et al.,
2004; Yang et al., 2008; Gerrits et al., 2009]. Besides the
climate dryness index, the effects of other variables on the

mean annual water balance have been studied to explain
the observed deviation from the Budyko curve, e.g., the
competing effects of climate ﬂuctuations and watershed
storage capacity [Milly, 1994a, 1994b], rainfall seasonality
and soil moisture capacity [Potter et al., 2005; Hickel and
Zhang, 2006; Zhang et al., 2008], the relative inﬁltration
capacity, relative soil water storage, and the watershed average slope [Yang et al., 2007], climate seasonality, soil
properties and topography [Yokoo et al., 2008], vegetation
type [Zhang et al., 2001; Oudin et al., 2008], and vegetation dynamics [Donohue et al., 2007]. Particularly for
water storage change, at the seasonal scale, the storage carryover has an impact on the mean annual water balance
[Milly, 1994b; Zhang et al., 2008; Jothityangkoon and
Sivapalan, 2009; Donohue et al., 2010]; at the mean annual scale, steady state of water balance, i.e., S ¼ 0, is
assumed in the Budyko framework [Donohue et al., 2007].
[3] Water balance at the annual scale has also been studied in the literature. Ignoring the groundwater inﬂow and
outﬂow, the annual water balance at the watershed scale is
represented as
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where Pi , Qi , Ei , and Si are annual precipitation, runoff,
evaporation, and water storage change during year i, respectively. The Budyko-type functions have been extended to
study the relationship between annual evaporation ratio
(Ei =Pi ) and annual potential evaporation ratio (Epi =Pi ) [e.g.,
Yang et al., 2007; Zhang et al., 2008]. Potter and Zhang
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[2009] tested the relationship of Ei =Pi and Epi =Pi with six
functional forms of Budyko-type curves and one linear
model, and found that rainfall seasonality was important
in determining the functional forms. Jothityangkoon and
Sivapalan [2009] examined the effects of intra-annual variability of rainfall (e.g., storminess and seasonality) on interannual variability of water balance through the simulation
of annual runoff in three semiarid watersheds. Because of
the limitation of data availability on evaporation and storage
change, the annual evaporation is usually computed by
Ei ¼ Pi  Qi assuming steady state conditions [e.g., Koster
and Suarez, 1999; Potter and Zhang, 2009]. However, in
several recent studies, the interannual water storage carryover has been found to be signiﬁcant in some studied watersheds [Flerchinger and Cooley, 2000; Tomasella et al.,
2008]. Milly and Dunne [2002] accounted for the interannual storage changes for 175 large basins worldwide, and
found that the annual storage change effect was important
in some basins. Zhang et al. [2008] found that Fu’s equation, one functional form of Budyko-type curves, performed
poorly on estimating annual streamﬂow in some watersheds
in Australia, explaining that it might be due to the impact of
water storage changes which could not be neglected on the
annual scale. Ohta et al. [2008] studied the water balance of
the Siberian forest from 1998 to 2006 and found that the
interannual variation of storage was even more signiﬁcant
than precipitation for this particular watershed. Donohue
et al. [2010] studied the annual water balance in 221 watersheds in Australia and found that the effect of nonsteady
state conditions was an important source of variation at the
annual scale and needed to be accounted for.
[4] One of the important questions in studying the annual
water balance that should be addressed is the responses of
components of water balance to climate variability. The
sensitivity of runoff to climate has been discussed in many
studies [e.g., Schaake, 1990; Fu et al., 2007; Harman
et al., 2011]. Runoff sensitivity has been represented by
precipitation elasticity of streamﬂow which is deﬁned as the
ratio of percentage change of runoff to percentage change
of precipitation [Schaake, 1990]. Sankarasubramanian
et al. [2001] proposed a nonparametric estimation of sensitivity of streamﬂow to rainfall directly from historical data,
and Sankarasubramanian and Vogel [2003] documented
the precipitation elasticity of streamﬂow for 1337 basins in
the United States. Some hydrologic climate sensitivity studies involve calibrating a conceptual hydrologic model, and
then varying the model’s atmospheric inputs, to observe the
resulting changes in streamﬂow [e.g., Vogel et al., 1999;
Chiew, 2006]. Budyko framework has been successfully
used as an equilibrium interpretation of the climate elasticity of streamﬂow [e.g., Dooge, 1992; Dooge et al., 1999;
Arora, 2002; Yang and Yang, 2011]. Recently, Roderick
and Farquhar [2011] developed an analytical framework
for determining runoff sensitivities to precipitation, potential evaporation, and catchment properties on the basis of
Budyko curves, and the framework has been successfully
applied to the Murray Darling Basin in Australia with an
emphasis on the spatial variation [Donohue et al., 2011].
[5] In order to represent the response of interannual
evaporation to precipitation variability, Koster and Suarez
[1999] proposed the evaporation deviation ratio denoted as
E =p which is deﬁned as the ratio of standard deviations
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between evaporation and precipitation. Following this,
Sankarasubramanian and Vogel [2002] deﬁned the runoff
deviation (Q =p ) as the ratio of standard deviations between
runoff and precipitation. Koster and Suarez [1999] derived a
powerful equation, which is a function of Ep =P, to estimate
the evaporation deviation ratio by assuming (1) Budyko-type
curves can be applicable for interannual water balance, (2)
interannual changes in water storage are much smaller than
the annual precipitation, evaporation and runoff, and (3)
interannual variability of potential evaporation is negligible.
[6] In this study, the role of annual water storage carryover
in annual water balance is investigated directly in a systematic framework based on the data availability. The interannual variability of water storage is quantiﬁed by utilizing the
long-term observations of precipitation, runoff, and evaporation estimation from remotely sensed data. The purposes of
this research are to test whether interannual storage change is
negligible and to explore the behavior of annual storage
carryover from energy-limited to water-limited conditions.
Meanwhile, sensitivities of annual runoff, evaporation, and
storage change to interannual climate variability including
precipitation and potential evaporation will be quantiﬁed.

2.

Methodology

2.1. Study Watersheds and Data Sets
[7] The study watersheds are obtained from the international Model Parameter Estimation Experiment (MOPEX)
data set which is described by Duan et al. [2006] and can
be downloaded from ftp://hydrology.nws.noaa.gov/. The
data set includes mean areal precipitation, climatologic
potential evaporation, streamﬂow, and maximum and minimum air temperature for 432 watersheds with an adequate
number of precipitation gauges. Several recent studies have
been based on the MOPEX watersheds [e.g., Sivapalan
et al., 2011; Voepel et al., 2011; Wang and Hejazi, 2011].
The available precipitation and streamﬂow data during the
period of 1948–2003 will be used in this study. In this paper, 277 watersheds, for which there are no missing data
for any single day, are selected for analysis, and the daily
variables are aggregated into annual values. Figure 1 shows
the spatial distribution of the selected watersheds and the
land use and land cover (LULC) within them. The LULC
includes forest land, woodland, shrub land, grassland, cropland, and urban and built-up areas. In the northeastern U.S.
watersheds, forest is dominant; in the southern watersheds,
grassland and shrub land are dominant; in the Midwest,
cropland is dominant. Summarized over the total area of all
the selected watersheds, 26% is covered by forest, 29% by
croplands, 33% by woodlands and wooded grasslands, 9%
by grassland, 2% by shrub land, and less than 1% by bare
ground and urban. The area of the study watersheds ranges
from 67 km2 to 10,329 km2 and the watersheds cover a
wide spectrum of climate regions with Ep ranging from 0.24
to 3.84.
[8] The actual daily evaporation, which is estimated
from remote sensing data and meteorology reanalysis, was
obtained from the University of Montana [Zhang et al.,
2010]. The evaporation data are grid based with a spatial
resolution of 8 km and are available from 1983 to 2006. In
this data set, the canopy transpiration, soil evaporation and
open water evaporation are quantiﬁed using a modiﬁed
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Figure 1.
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Spatial distribution of the 277 study watersheds and their associated land use and land cover.

Penman-Monteith approach coupled with a normalized difference vegetation index (NDVI) based biome-speciﬁc canopy conductance model [Zhang et al., 2010]. This data set
has been used to detect the trend of global land evaporation
[Jung et al., 2010].
[9] Monthly potential evaporation data are also provided
by the University of Montana estimated using PriestleyTaylor method with the same extent and resolution as the
actual evaporation data [Zhang et al., 2010]. The MOPEX
data set also provides mean annual potential evaporation
estimation which is consistent with rainfall and runoff data.
Since the remote sensing monthly potential evaporation
data provides the interannual variability of potential evaporation, the monthly values are scaled by comparing the
computed mean annual potential evaporation from the two
data sets for each watershed. Then the scaled monthly
potential evaporation is aggregated to annual potential
evaporation which is used for the analysis.
[10] In this study, the annual water balance analysis is
conducted during 1983–2003 when precipitation, runoff,
evaporation, and potential evaporation data are available.
Figure 2 shows Ep versus Ep of the watersheds in the Budyko
framework where E is computed on the basis of the estimated evaporation from remote sensing data. Generally,
the data points follow the Budyko curve with some extent
of scatters.
P

2.2. Estimation of Interannual Water Storage Change
[11] It is a challenge to provide techniques and methods
to quantify integrated storages at the watershed scale

[Beven, 2006]. The terrestrial water storage change estimates from the Gravity Recovery and Climate Experiment
(GRACE) satellite are spatially averaged over regions having areas of 1000,000 km2 and greater [Swenson et al.,
2006]. However, the observational data of watershed water
storage or dynamic storage change are usually not available
at the watershed scale. In some studies, storage changes are
estimated from localized measurements of piezometer
wells and soil moisture probe [Wang, 2012], but the estimation is strongly dependent on spatial heterogeneity of subsurface properties [Kirchner, 2009]. The dynamic storage
change can also be estimated as the residual by water balance [Sayama et al., 2011], but the method is constrained
by the data availability and uncertainty on observations or
estimations especially evaporation.
[12] In this paper, storage changes are estimated as the
residual of water balance closure. The daily precipitation
and runoff from MOPEX data set, the daily evaporation
from Zhang et al. [2010], and the scaled monthly potential
evaporation are aggregated into annual values for each
watershed. Given the annual precipitation, runoff and evaporation, the interannual water storage change can be estimated using equation (1), i.e., Si ¼ Pi  Qi  Ei .
2.3. Indicators for Interannual Variability of Water
Balance
[13] For a given year, the departure of an annual quantity
from its mean annual value is called the annual anomaly. For
~ i ¼ Pi  P is the precipitation anomaly at year i.
example, P
Similarly, the annual potential evaporation anomaly, runoff
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Figure 2.

Mean annual evaporation ratio ðEpÞ versus mean annual climate dryness index

~ i , and
~ pi , Q
anomaly, and evaporation anomaly are denoted E
~
Ei , respectively. Positive anomaly represents the value in a
particular year is higher than that in a normal year. It is reasonable to assume negligible mean annual storage change
(S ) since the number of years is large enough (i.e., 21 year
in this study) and if there is no signiﬁcant trend in groundwater table in the case study watersheds. One can obtain
~i þ E
~i ¼ Q
~ i þ Si
P

(2)

which can be interpreted as that precipitation anomaly is
partitioned into runoff anomaly, evaporation anomaly, and
storage change which are watershed responses to interannual climate variability. This partitioning is controlled by
watershed properties (such as soil and vegetation) and
human activities.
[14] The standard deviations for annual precipitation,
runoff, evaporation, and storage changes are computed for
each watershed on the basis of the 21 year data. Following
Koster and Suarez [1999], the storage change deviation
ratio is deﬁned as S =p . Three standard deviation ratios
(Q =p , E =p , and S =p ) and their total values are then
computed.
2.4. Sensitivity of Annual Runoff to Climate
Variability
[15] Following Roderick and Farquhar [2011] and ignoring changes of watershed properties, the streamﬂow variability responding to rainfall and potential evaporation
@Q
changes can be expressed as dQ ¼ @E
dEp þ @Q
@P dP, where
@Q
@Q
and
are
sensitivity
coefﬁcients
of
runoff to potential
@E
@p
evaporation and precipitation, respectively. The sensitivity
coefﬁcients can be estimated through annual anomaly values:
P

P

~ i ¼ aE
~ pi þ bP
~i
Q

(3)
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EP
p

.

@Q
@Q
where a ¼ @E
and b ¼ @E
. The values of a and b are estimated by linear regression :
P

P

Qi
Pi

Epi
pi

¼a

þb

(4)

Since equation (4) is applicable for individual year, by taking average of equation (4) over all the years, one can obtain
the equation for mean annual values, i.e., QP ¼ aEpp þ b. Subtracting its mean annual form from equation (4), one obtains
equation (3). Therefore, the values of a and b are calculated
for each watershed by linear regression on annual data of Qp
and Epp during 1983–2003. The reasons that the values of
a and b are estimated by linear regression through equation
(4) instead of multilinear regression through equation (3) are
discussed in section 2.5.
[16] Figure 3 shows the runoff deviation ratio computed
for the selected watersheds used in this study. The mean
potential evaporation ratio is a major control on the runoff
deviation ratio. Other factors, such as soil storage capacity,
can also affect the runoff variability. Generally, the data
points in Figure 3 match the theoretical line derived by
Koster and Suarez [1999], and the data cloud is similar to
the watersheds presented by Sankarasubramanian and
Vogel [2002]; that is, Q =p decreases with the increase of
Ep =P. Some data points are above 1, which is the upper
bound of the theoretical line.
i

i

i

i

i

i

i

2.5. Sensitivity of Annual Evaporation to Climate
Variability
[17] The interannual variability of water balance is important for understanding the response of evaporation to a
changing environment (e.g., precipitation and land use
changes). Similar to runoff sensitivity, the sensitivity of annual evaporation to interannual variability of potential
@E
evaporation and precipitation is expressed as dE ¼ @E
dEp
P
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Figure 3. Runoff deviation ratio versus mean annual climate dryness index for the case study
watersheds.

@E
@E
þ @E
@p dP where @E and @p are sensitivity coefﬁcients of annual evaporation to potential evaporation and precipitation,
respectively. The sensitivity coefﬁcients can be estimated
through annual anomaly values:

following equations (3) and (5). The sensitivity of annual
storage change to potential evaporation and precipitation
is expressed as

~ i ¼ E
~ pi þ  P
~i
E

~ pi þ ’P
~i
Si ¼  E

P

(5)

@E
where  ¼ @E
and  ¼ @E
@p . Similar to runoff sensitivity, the
values of  and  are estimated by linear regression :
P

Ei
pi

¼

EPi
pi

þ

(6)

Since this linear function holds for individual year i, it is
also applicable to the mean annual condition, i.e., Ep ¼
Ep þ . Combining the speciﬁc year i and the year with
mean values, we can obtain equation (5). The coefﬁcients
 and  are estimated by linear regression through the ratio
model represented in equation (6) following the work by
Cheng et al. [2011], who analyzed the relationship between
E
E
p and p over 500 watersheds in the United States and found
that a strong linear relationship exists and discussed the
controlling factors on the linear relationship such as climate, soil water storage, vegetation, and human activities.
The ratios in equation (6) can usually cancel out some covariant factors between components and represent a more
generalized relationship, and the linearity of component
model (equation (5)) is not as strong as the ratio model
[Cheng et al., 2011]. For consistency, the ratio model of
equation (4) is also used for estimating the coefﬁcients of
runoff sensitivities.
P

i

P

i

i

2.6. Sensitivity of Annual Storage Change to Climate
Variability
[18] In this study, the sensitivity of interannual storage change to the climate variability is also investigated

(7)

where  and ’ are sensitivity coefﬁcients of annual storage
change to potential evaporation anomaly and precipitation
anomaly, respectively. Substituting equations (3) and (5)
into equation (2) and comparing the result with equation (7),
one can obtain the relationship among the sensitivity coefﬁcients of runoff, evaporation, and storage change to potential
evaporation and precipitation anomalies:
 ¼ ða þ aÞ
’¼1b

(8)

If annual storage change is negligible, the sensitivity coefﬁcients of runoff and evaporation to potential evaporation
are opposite (a ¼ ) and the sensitivity coefﬁcients of
runoff and evaporation to precipitation are complementary
(b þ  ¼ 1) [Roderick and Farquhar, 2011]. The values of
 and ’ for the study watersheds are computed by equation
(8) since the values of a, b, , and  have been calculated.
^ can be conducted
The linear regression of S
¼ ^Ep þ ’
p
^ are the same as values
and the obtained values of ^ and ’
of corresponding  and ’ obtained by equation (8), i.e.,
^.
 ¼ ^ and ’ ¼ ’
[19] In section 3, the six sensitivity coefﬁcients (i.e., a,
b, ; ; , and ’) for the study watersheds are presented
and the climate control on the sensitivity coefﬁcients is
discussed.
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Results and Discussion

3.1. Interannual Variability of Runoff
[20] Figure 4 shows the values of runoff sensitivity coefﬁcients (a and b) as a function of mean annual climate dryness index. Streamﬂow is positively related to precipitation
(b > 0) but negatively related to potential evaporation
(a < 0). The trends of a and b shown in Figure 4 are consistent with the ﬁndings by Milly and Dunne [2002] who
reported that as evaporation ratio increases from 0 to 1, the
runoff sensitivity to surface net radiation increases from
1 to 0, and that the runoff sensitivity to precipitation
decreases from 1 to 0. With the increase of climate dryness

W05546

index, both values of a and b approach zero. As discussed
by Donohue et al. [2011], under energy-limited conditions,
the sensitivity of runoff to precipitation and potential evaporation are both high. In Figure 4a, there are some outliers
where the values of a are positive, and it is found that these
watersheds are snowmelt- and glacier melt–dominated
systems in the state of Washington. Runoff is positively
correlated with temperature and this induces positive sensitivity coefﬁcient of annual runoff to potential evaporation.
Even though the values of a and b are ﬁxed for a speciﬁed
watershed, the climate elasticity of streamﬂow is not ﬁxed
and is dependent on the ratio of potential evaporation

Figure 4. The estimated sensitivity coefﬁcients of runoff to potential evaporation and precipitation as
a function of mean annual climate dryness index.
6 of 16
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anomaly and precipitation anomaly [Donohue et al., 2011].
From Figure 4b, the values of b match the runoff deviation
ratio shown in Figure 3 because the variation of potential
evaporation is much smaller than that of precipitation variation [Koster and Suarez, 1999]. The interannual runoff
variability is mainly driven by the precipitation variability.
3.2. Interannual Variability of Evaporation
[21] Since the interannual variability of evaporation in
this study depends on the annual evaporation estimation
from satellite remote sensing–based algorithm, the uncertainty or bias of the evaporation data set is discussed ﬁrst.
The evaporation data set includes two potential uncertainty
sources which are measurements of tower eddy ﬂux and
satellite-based NDVI [Zhang et al., 2010]. Comprehensive
validation of the data set has been conducted by Zhang
et al. [2010], who used ﬂux tower evaporation measurements at the daily and monthly time scales. Zhang et al.
[2010] also veriﬁed the data set at 261 major global basins
by comparing it with evaporation estimation inferred from
the long-term water balance and found that the two evaporation estimations are similar with root mean square error
(RMSE) of 186.3 mm yr1. Particularly, the relative difference between the two evaporation estimations in most
regions of the United States is within 610%. The detailed
uncertainty analysis on the daily and monthly evaporation
estimation was done by Zhang et al. [2010].
[22] The uncertainty of remote sensing–based evaporation estimation for the MOPEX watersheds is assessed in
this study. The average annual evaporation for each watershed is computed by aggregating the daily evaporation estimation from remote sensing, and denoted as ERS . On the
basis of the daily precipitation and runoff data obtained
from the MOPEX data set, the average annual evaporation
is estimated by water balance assuming negligible storage
change, EWB ¼ P  Q. Figure 5a is the scatterplot of the
relationship between EWB and ERS . The RMSE and R2 are
computed as 91.7 mm yr1 and 0.65, respectively. The average difference of ERS and EWB over the study watersheds
is approximately 30.3 mm yr1. Figure 5b shows the
percent difference between ERS and EWB which is deﬁned
as E EE  100. Among the 277 study watersheds, the
percent differences of 243 watersheds (i.e., 88% of the study
watersheds) are within the range of 620% and the percent
differences of 158 watersheds (i.e., 57% of the study watersheds) are within the range of 610%. It should be noted
that the uncertainty of precipitation and runoff data can
contribute the uncertainty of EWB . The generally favorable
agreement between the two mean annual evaporation estimations in the most study watersheds provides some supports for the accuracy of the remotely sensed evaporation
estimation and a basis for further interannual variability
analysis using remote sensing–based daily evaporation
estimation.
[23] To explore the interannual variability of evaporation
at each watershed, the evaporation deviation ratio is computed for two cases : (1) annual evaporation is computed by
the difference between annual precipitation and runoff, i.e.,
Ei ¼ Pi  Qi , and (2) annual evaporation is from the
remote sensing data. Evaporation deviation ratios from the
two cases are shown in Figure 6a. The theoretical line
derived by Koster and Suarez [1999], who presented the
RS

WB

WB
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evaporation deviation ratio from a 20 year GCM simulation at
the spatial scale of 4  5 , is located at the lower envelope
of the data points (gray dots) for case 1. When evaporation is
estimated from remote sensing independently, the evaporation
deviation ratio (red circle) decreases signiﬁcantly compared
with that in case 1. For watersheds with large climate dryness
index, the data points are much further below the theoretical
line with assumptions discussed earlier. Therefore, the interannual storage carryover in these watersheds mitigates the
evaporation variability to climate variability. The interannual
storage change from the GCM may be much smaller because
of the large spatial scale (i.e., 400 km  500 km) in the
study of Koster and Suarez [1999]. To assess the impact of
evaporation estimation uncertainty, Figure 6b plots evaporation deviation ratios for the 158 watersheds with percent difference within 610%, and the same trend can be observed.
Therefore, if interannual storage carryover was ignored, evaporation deviation ratio would be overestimated, especially for
watersheds in water-limited regions.
[24] It has been documented in the literature that interannual variability of evaporation in undisturbed watersheds is
reduced by vegetation responses to climate variability
[Jones, 2011]. For example, although drought in temperate
deciduous forests decreases transpiration rates of many species, total evaporation is often reported to exhibit less interannual variability than precipitation [Wullschleger and
Hanson, 2006]. Oishi et al. [2010] studied the transpiration
of a mature oak-hickory forest in North Carolina and found
that despite the large interannual variation in precipitation
(ranging from 934 to 1346 mm), annual evaporation varied
much less (610–668 mm). Therefore, interannual evaporation variability can be mitigated by vegetation responses
through decreasing storage during drought period.
[25] In semiarid ecosystems, trees have developed adaptive mechanisms that buffer themselves from the year-to-year
variations in precipitation and maintained the evaporation
level [Raz-Yaseef et al., 2010]. For a grassland watershed
in the Mediterranean climate zone of California, Ryu et al.
[2008] reported that annual evaporation ranged a little despite a twofold range in precipitation. As they found, in
water-limited seasons, most evaporation was regulated by
stomatal closure ; in wet season high rainfall did not lead to
high evaporation because of the marginal available energy.
Therefore annual evaporation is not sensitive to annual precipitation. In agricultural watersheds particularly waterlimited regions, human interferences can contribute to the
smaller variability of evaporation. Cheng et al. [2011]
found that watersheds with higher agricultural land coverage generally have a stronger linear relationship between
annual evaporation ratio and potential evaporation ratio.
[26] The sensitivity coefﬁcients of evaporation to potential evaporation () and precipitation () in equation (5)
are estimated for each watershed. Figure 7 shows the histograms of (a þ ) and (b þ ). The values of (a þ ) are
located between 0 and 1 and the average value is 0.34; the
values of (b þ ) are located between 0.1 and 1 and the average value is 0.65. Therefore, a ¼  and b þ  ¼ 1 are
not held statistically and annual storage change may mitigate evaporation variability. The sensitivity coefﬁcients are
plotted versus mean annual climate dryness index. As
shown in Figure 8a, in humid regions where energy is limited, evaporation anomaly is highly sensitive to the potential
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Figure 5. Comparison of mean annual evaporation computed by water balance (EWB ) and estimated
from the remote sensing–based method (ERS ).

evaporation anomaly, and the value of  approaches 0.8,
but in arid regions where energy supply (Ep ) is larger than
water supply (P), potential evaporation anomaly is not the
controlling factor on the interannual evaporation variability,
and the value of  approaches to 0.1. The sensitivity of
evaporation anomaly to precipitation anomaly is complex
because of the correlation between precipitation and potential

evaporation (Figure 8b). In humid regions where Ep < P,
higher precipitation induces lower potential evaporation,
therefore the evaporation anomaly can be negative in wet
years, i.e.,  < 0; in arid regions,  is positive since precipitation is limited. The values of  in most watersheds are
bounded between 0 in humid regions and 0.15 in arid regions
and do not approach 1 or 1. This is consistent with the
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Figure 6. Evaporation deviation ratio versus mean annual climate dryness index: (a) all 277 watersheds and (b) the 158 watersheds with the percent difference within 610%.
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Figure 7. Histograms of (a þ ) and (b þ ).

discussion above that interannual variability of evaporation
is much lower than that of precipitation. The sensitivity coefﬁcients obtained have the same trend as found by Cheng
et al. [2011].
3.3. Interannual Variability of Water Storage Change
[27] Annual storage change (Si ) in each year is computed by equation (1), and the standard deviation of annual storage change is calculated over the 21 year data. It
should be noted that uncertainty of estimated annual storage change depends on the uncertainties of precipitation,
runoff, and evaporation estimates. Figure 9 shows the storage change deviation ratio (S =p ) versus climate dryness index. The values of storage change deviation ratio

are bounded between 0.2 and 1. The scattering of S =p
is signiﬁcant in humid regions with Ep =p between 0.5
and 1.0, but generally the storage change deviation ratio
increases with climate dryness index. For watersheds in
humid regions, the soil is wet and the interannual soil
water storage carryover are less sensitive to the precipitation anomaly compared with the watersheds in arid
regions. The soil moisture and groundwater table ﬂuctuation in arid regions are more sensitive to the precipitation
variability at the annual scale. Comparing Figures 9 and 6,
in energy-limited watersheds, the deviation ratio of storage
change is about twice that of evaporation, and in waterlimited watersheds storage variability can be 3 times
that of evaporation variability. Therefore, the interannual
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Figure 8. The sensitivity coefﬁcients of evaporation to potential evaporation and precipitation versus
mean annual climate dryness index.

variability of storage change is more signiﬁcant than that
of evaporation.
[28] The sensitivity coefﬁcients of interannual storage
change to potential evaporation () are plotted versus climate dryness index (Figure 10). Figure 10a plots the values
of  for all the 277 watersheds. For most watersheds, the
value of  is between 0 and 0.6. The negative value of 
represents water storage deceases with the increase of Ep.
In humid regions,  approaches to 0 with decreasing Ep/P;
while in the arid regions,  approaches to 0.1 with
increasing Ep/P. To explore the impact of uncertainty in the
evaporation data set, Figure 10b only plots the values of 

for the 158 watersheds with percent difference within
610% shown in Figure 5b. It seems that the trend of the
data clouds in Figure 10 is not monotonic; that is, 
decreases then increase with climate dryness index.
[29] The sensitivity coefﬁcients of interannual storage
change to precipitation (’) are plotted in Figure 11 under
different climate regions. For most watersheds, the value of
’ ranges from 0 to 0.85 and increases with climate dryness
index. The positive value of ’ represents water storage
increases with precipitation. The water storage change in the
humid regions is less sensitive to precipitation than that in
the arid regions. In arid regions, the value of ’ approaches
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Figure 9.
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Storage change deviation ratio versus climate dryness index.

to 0.85, and most of the precipitation variability is transferred to storage variability.
3.4. Partitioning of Precipitation Into Runoff,
Evaporation, and Storage Change
[30] Table 1 summarizes the sensitivity coefﬁcients for
runoff, evaporation, and storage change to potential evaporation and precipitation under energy-limited and water-limited conditions. With the increase of climate dryness index,
the sensitivity of runoff to potential evaporation increases
from 0.8 to 0 (a as shown in Figure 4a), and the sensitivity
of evaporation decreases from 0.8 to 0.1 ( as shown in Figure 8a), respectively. According to equation (8), the value of
 should be 0 under extreme humid conditions and 0.1
under the extreme arid conditions. Therefore, considering
the data points in Figure 10, it seems that the minimum
value of  occurs when energy and water are balanced, i.e.,
Ep/P ¼ 1. When Ep/P < 1, with the decrease of Ep/P soil
becomes wetter and soil water storage approaches to the soil
water capacity, therefore the storage change sensitivity to
potential evaporation approach 0 when Ep/P approaches to 0.
When Ep/P < 1, energy is limited and the storage change
sensitivity to potential evaporation approaches 0 when Ep/P
is large. Both runoff and evaporation is more sensitive to
potential evaporation under energy-limited conditions, but
storage change is more sensitive to potential evaporation
under the conditions where water and energy are balanced.
[31] With the increase of climate dryness index, the
sensitivity of runoff to precipitation decreases from 1 to 0
(Figure 4b), and the sensitivity of evaporation increases
from 0 to 0.15 (Figure 8b). Sensitivity of storage change to
precipitation (’) increases from 0 to 0.85, as shown in Figure 11. Therefore, runoff is more sensitive to precipitation

under energy-limited conditions, but both evaporation and
storage change are more sensitive to precipitation under
water-limited conditions. Under energy-limited conditions,
most of the precipitation anomaly is transferred to the runoff anomaly, but under water-limited conditions, most of
the precipitation anomaly is transferred to storage change,
and some of precipitation anomaly is transferred to evaporation anomaly.
[32] The total deviation ratios of runoff, evaporation, and
storage change are plotted for all the watersheds (Figure
12a) and the 158 watersheds with percent differences of E
within 610% (Figure 12b). Considering interannual storage
change, the variance of rainfall can be written as 2p ¼
2Q þ 2E þ 2S þ 2Q;E Q E þ 2Q;S Q S þ 2E;S E S
where Q;E , Q;S , and E;S are the correlation coefﬁcients
between the corresponding variables. Since Q;E , Q;S , and
E;S are less than 1, 2p < ðQ þ E þ S Þ2 . Therefore, the
total deviation ratio is greater than one, i.e., ðQ þ E þ
S Þ=p > 1, as shown in Figure 12. The trend and upper
bound of total deviation ratio in Figure 12a depend on the
correlation coefﬁcients between the variables. There is a
clear decreasing trend in the total deviation ratio when climate dryness index is larger than 1. When the climate dryness index is less than 1, it seems that there is an increasing
trend which may be due to the uncertainty of evaporation
and other data, as shown in Figure 12b. From humid to arid
regions, Q =p decreases (Figure 3), E =p increases
(Figure 6), and S =p (Figure 9) increases. The increasing
trend of total deviation ratio in energy-limited regions is
dominated by the increasing trend of evaporation and storage
change deviation ratios. The decreasing trend of total deviation ratio in water-limited regions is dominated by the
decreasing trend of the runoff deviation ratio.
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Figure 11. The sensitivity coefﬁcients of storage change
to precipitation anomaly (’) versus mean annual climate
dryness index.

Figure 10. The estimated sensitivity coefﬁcients of storage change to potential evaporation anomaly (): (a) all
277 watersheds and (b) watersheds with the percent difference of mean annual evaporation within 610%.

4.

Summary and Conclusions

[33] The annual soil water storage change is usually
assumed to be negligible in interannual and mean annual
water balance at the watershed scale. In this study, the role
of interannual variability of soil water storage change in annual water balance is assessed for 277 watersheds located
in a spectrum of climate regions. The annual water storage
change is estimated on the basis of water balance closure
given the available data of precipitation, runoff, and evaporation estimated from remote sensing data and meteorology
reanalysis. The partitioning of annual precipitation anomaly
to runoff anomaly, evaporation anomaly, and storage change
is studied. The interannual storage carryover in the study
watersheds mitigates the evaporation variability caused by
climate variability. The main ﬁnding is that evaporation variability is overestimated by assuming negligible storage
change, and that storage change is the most sensitive component to precipitation under water-limited conditions.
[34] The sensitivity coefﬁcients of runoff, evaporation, and
annual soil water storage change to interannual variability

of potential evaporation and precipitation are computed for
the study watersheds. Both runoff and evaporation are more
sensitive to potential evaporation under energy-limited conditions, but storage change is more sensitive to potential
evaporation under the conditions where water and energy
are balanced. Runoff is more sensitive to precipitation under
energy-limited conditions, but both evaporation and storage
change are more sensitive to precipitation under water-limited conditions. Under energy-limited conditions, most of
the precipitation anomaly is transferred to the runoff anomaly, but under water-limited conditions, most of the precipitation anomaly is transferred to storage change, and some of
the precipitation anomaly is transferred to the evaporation
anomaly.
[35] The scattering of the sensitivity coefﬁcients could
be due to uncertainties in the data sets and other controlling
factors, such as seasonal distribution of precipitation, soil
water storage capacity, vegetation coverage and types, etc.
Also, since the evaporation data is obtained from a different source with the precipitation and runoff data, they may
have some discrepancy. Further research is needed to verify
the interannual variability of evaporation and storage
change to climate variations using alternative data sets, and
to explain the scattering of the sensitivity coefﬁcients by
investigating the roles of other controlling factors besides
annual climate.

Table 1. The Sensitivity Coefﬁcients at the Lower and Upper
Bounds of Climate Dryness Index in the Study Watersheds
P

Epi
Variables
Qi
Ei
Si
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Sensitivity
Coefficient

Humid
to Arid

Sensitivity
Coefficient

Humid
to Arid

a



0.8 to 0
0.8 to 0.1
0 to 0.1

b

’

1.0 to 0
0 to 0.15
0 to 0.85
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Figure 12. The total deviation ratio of runoff, evaporation, and storage change: (a) all 277 watersheds
and (b) the 158 watersheds with the percent difference within 610%.
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